(leading to a stress increase). Stress changes induced by viscoelastic relaxation can outweigh the interseismic stress increase such that negative Coulomb stress changes can persist for decades. On some faults, postseismic relaxation and interseismic strain accumulation can act in concert to enhance already positive Coulomb stress changes.
Introduction
The calculation of Coulomb stress changes after a major earthquake has become an important tool to evaluate the future seismic hazard of a region. In general, positive Coulomb stress changes bring receiver faults closer to failure, while a negative value indicates a delay of the next earthquake (Stein 1999) . Coulomb stress changes can arise from a variety of processes during and after the earthquake (e.g. Freed 2005) . As a consequence of the coseismic slip on the source fault, receiver faults may experience positive or negative static Coulomb stress changes, depending on the position relative to the source fault (King et al. 1994; Nostro et al. 1997; Lin et al. 2011; Bagge and Hampel 2016) . On the other hand, Coulomb stress changes can also be caused by seismic waves (Belardinelli et al. 1999; Pollitz et al. 2012) , postseismic fluid flow (Cocco and Rice 2002; Miller et al. 2004; Piombo et al. 2005 ) and postseismic viscoelastic relaxation (Freed and Lin 1998; Gourmelen and Amelung 2005; Nostro et al. 2001; Pollitz 1997) . Postseismic relaxation is the transient response of the viscoelastic layers in the lithosphere to the sudden coseismic slip in the brittle upper crust and acts on timescales of months to Abstract Earthquakes in the brittle upper crust induce viscoelastic flow in the lower crust and lithospheric mantle, which can persist for decades and lead to significant Coulomb stress changes on receiver faults located in the surrounding of the source fault. As most previous studies calculated the Coulomb stress changes for a specific earthquake in nature, a general investigation of postseismic Coulomb stress changes independent of local geological conditions is still lacking for intra-continental dip-slip faults. Here we use finite-element models with normal and thrust fault arrays, respectively, to show that postseismic viscoelastic flow considerably modifies the original coseismic Coulomb stress patterns through space and time. Depending on the position of the receiver fault relative to the source fault, areas with negative coseismic stress changes may exhibit positive postseismic stress changes and vice versa. The lower the viscosity of the lower crust or lithospheric mantle, the more pronounced are the transient stress changes in the 1st years, with the lowest viscosity having the largest effect on the stress changes. The evolution of postseismic Coulomb stress changes is further controlled by the superposition of transient stress changes caused by viscoelastic relaxation (leading to stress increase or decrease) and the interseismic strain accumulation decades, depending on the viscosity of the excited layers (e.g. Nur and Mavko 1974) . In the early postseismic phase, the effect of viscoelastic relaxation on displacements and Coulomb stress changes may be intermingled with afterslip but the effect of the local afterslip rapidly decreases, while the importance of viscoelastic relaxation-which acts on a larger regional scale-relative to afterslip increases (Diao et al. 2014; Hampel and Hetzel 2015; Lambert and Barbot 2016) . Modelling and geodetic data of the 2011 M w = 9.0 Tohoku-Oki earthquake (Japan) showed that viscoelastic relaxation plays a dominant role over afterslip even during short-term postseismic deformation (Sun et al. 2014) .
While there is a large number of studies on coseismic Coulomb stress changes (e.g. King et al. 1994; Lin and Stein 2004; Nostro et al. 1997; Parsons et al. 2008 ), stress changes due to postseismic viscoelastic relaxation have less often been quantified, and mostly for strike-slip faults (e.g. Freed and Lin 2001; Hearn et al. 2002; Masterlark and Wang 2002; Smith and Sandwell 2006) . Fewer studies were dedicated to the postseismic stress interaction between normal faults or thrust faults (e.g. Freed and Lin 1998; Nalbant and McCloskey 2011; Nostro et al. 2001; Wang et al. 2014) . Interactions between normal faults due to postseismic relaxation have been investigated by Nostro et al. (2001) . Using self-gravitating and stratified spherical Earth models with viscoelastic layers, they calculated co-and postseismic stress changes on timescales up to centuries and on spatial scales up to a few hundreds of kilometres to evaluate the influence of the rheological stratification and the thickness of the layers. They compared their models with the normal faults in the Apennines (Italy) and concluded that the relaxation tends to increase the Coulomb stresses. Freed and Lin (1998) investigated-based on a potential connection between the 1971 San Fernando and 1994 Northridge thrust fault earthquakes-the time-dependent stress changes caused by relaxation in the viscous lower crust and upper mantle using two-dimensional finite-element models. Their results indicate that postseismic creep generates a stress triggering zone at the base of the upper crust. Finally, several studies have computed postseismic Coulomb stress changes after the 2008 Wenchuan (China) oblique thrust fault earthquake (Chen et al. 2011; Luo and Liu 2010; Nalbant and McCloskey 2011; Wang et al. 2014) . Using a finite-element model that includes an upper crust and a viscoelastic layer representing both lower crust and lithospheric mantle, Luo and Liu (2010) studied the effects of the 2008 earthquake resolved on the major faults of southeastern Tibet. On a larger scale, Chen et al. (2011) used a finite-element block model to calculate the Coulomb stress changes on major strike-slip and thrust fault for the entire Tibetan Plateau; however, for all thrust faults (expect the Beichuan thrust) a vertical dip was assumed. Nalbant and McCloskey (2011) focused on the region around the 2008 earthquake and included previous earthquakes as well as a rheologically stratified lithosphere. All analyses reached a similar general conclusion that positive stress changes can be expected for the region south-west and north-east of the location of the 2008 event. Indeed, in April 2013, a M6.6 thrust earthquake occurred south-west of the fault ruptured during the 2008 event , i.e. in the region, where positive Coulomb stress changes had been predicted for thrust faults (Chen et al. 2011; Luo and Liu 2010; Nalbant and McCloskey 2011; Parsons et al. 2008; Wang et al. 2014) .
In contrast to previous studies, which were mostly dedicated to a specific setting or earthquake, the scope of our study is a better understanding of the general patterns of postseismic Coulomb stress changes on normal and thrust faults. Our study is a follow-up investigation of our previous analysis of coseismic Coulomb stress changes (Bagge and Hampel 2016) and uses the same set-up with arrays of 11 normal or thrust faults. Based on the same coseismic stress changes, we analyse the spatiotemporal evolution of postseismic Coulomb stress changes on individual fault planes caused by viscoelastic relaxation in space and time. In different experiments, we varied the viscosities of the lower crust and lithospheric mantle. Our analysis includes an evaluation of the differences between the two types of faults as well as the relative importance between stress changes arising from viscoelastic relaxation and stress changes caused by ongoing extension or shortening. In a second step, we link the Coulomb stress changes to the postseismic movements in the crust and lithospheric mantle to explain the obtained stress change distributions.
Model set-up
For our parameter study, we used the commercial finiteelement software ABAQUS (version 6.14) to create threedimensional models with normal and thrust fault arrays, respectively (cf., Bagge and Hampel 2016) . Each model represents a 200 × 200 km wide and 100-km-thick continental lithosphere, which consists of an elastic upper crust, a viscoelastic lower crust and a viscoelastic lithospheric mantle (Fig. 1) . The thickness and rheological parameters of the layers (density ρ, Poisson's ratio ν, Young's modulus E and viscosity η) are shown in Fig. 1 . Viscoelastic behaviour is implemented as linear, temperature-independent Maxwell viscoelasticity. Although this rheology represents a simplification of the actually depth-dependent and possibly nonlinear viscoelastic behaviour of the lower crust and lithospheric mantle (e.g. Ellis et al. 2006; Freed and Bürgmann 2004) , the implementation of viscoelastic layers itself is an advantage compared to the commonly used homogeneous elastic halfspace models based on Okada (1992) . Furthermore, linear viscosities have been derived by a number of inversion studies, ranging from reservoir loading (e.g. Kaufmann and Amelung 2000) to postseismic deformation patterns (e.g. Nishimura and Thatcher 2003; Gourmelen and Amelung 2005 ).
In the model centre, a source fault (called SF in Fig. 1 ) that will experience the coseismic slip during the analysis, and ten surrounding receiver faults are embedded in the upper crust. The 60°-dipping normal faults (Fig. 1a) and 30°-dipping thrust faults (Fig. 1b) are 40 km long and extend from the model surface to the bottom of the upper crust. Following natural spatial configurations of faults, for example, in the Basin and Range Province (Haller et al. 2004) , the Aegean region (Roberts and Michetti 2004) and the foreland of the Tibetan (Meyer et al. 1998; Hetzel et al. 2004) , we apply distances between the faults of ≥15 km in the x-direction and ≥5 km in the y-direction. The locations of the receiver faults around the source fault are chosen such that the postseismic Coulomb stress changes in the surrounding of the source fault can be probed systematically: four receiver faults are located in the footwall and hanging wall of the source fault (RF4, 5, 6, 7), two faults are located along-strike of the source fault's tips (RF2, 10), and four other faults are located outside of the immediate hanging wall and footwall of the source fault (RF1, 3, 9, 11). Compared to studies of Coulomb stress changes that resolve the stress change at arbitrary points or planes (e.g. Nostro et al. 2001) , our approach has the advantage that the finite extent of the fault plane as well as the slip accumulation before the earthquake cycle is taken into account. Gravity is implemented as a body force. Isostatic effects are simulated by a lithostatic pressure of 3 × 10 9 Pa and an elastic foundation, which are both applied to the model bottom (depicted in Fig. 1 as arrows and springs, respectively). The stiffness of the foundation is calculated from the product of density of the asthenosphere and gravitational acceleration. The model sides in the xz-plane are fixed in the y-direction. Model sides and bottom are free to move in the vertical direction. The yz-plane is controlled A velocity boundary condition is applied to the model sides in the yzplane to extend or shorten the model at a total rate of 6 mm/a, which initiates slip on the faults. Abbreviations are ρ density, E Young's modulus, ν Poisson's ratio, η viscosity, g acceleration due to gravity, P litho lithostatic pressure and ρ asth density of the asthenosphere 1 3 by a velocity boundary condition in the x-direction. All models are meshed by linear tetrahedral elements with an edge length of 1 km near the faults, which increases to 3 km at the model margins.
Each model run consists of a series of quasi-static analysis steps. After reaching a state of isostatic equilibrium, the model is extended or shortened at a total rate of 6 mm/a in the x-direction (Fig. 1a, b ) throughout the remaining model time, which generates the tectonic background deformation and initiates slip on the faults. Slip initiation is controlled by the Mohr-Coulomb criterion | max | = c + n , where τ max is the critical shear stress, c is the cohesion (zero in our model), σ n is the normal stress and μ is the coefficient of friction (0.6 in our model). During the initial model phase, all faults slip continuously to let them achieve a constant slip rate (cf., Hampel and Hetzel 2012) . After all faults have attained a constant slip rate, the earthquake cycle is simulated in three steps (cf., Hampel and Hetzel 2015; Hampel et al. 2013 ). In the preseismic phase, all faults are locked. In the coseismic phase, we unlock only the source fault (SF in Fig. 1 ), which leads to sudden slip (= model earthquake). Note that the slip distribution is not prescribed but develops self-consistently in accordance with the strain accumulated during the preseismic phase. In the models of this study, we define the duration of the preseismic phase such that the maximum coseismic slip is 2 m on the 40-km-long fault during the coseismic phase. The equivalent moment magnitude calculated from the seismic moment is 6.8 and 6.9 in the normal and thrust fault model, respectively. All receiver faults remain locked during the coseismic phase. In the postseismic phase, we lock all faults again. Note that no afterslip occurs on the source fault during the postseismic phase, as the fault fully relaxes during the coseismic phase (Ellis et al. 2006) . Extension/shortening of the model continues during the postseismic phase, leading to average values of 0.01-0.02 MPa for the interseismic stress increase on the fault planes. Figure 2 shows the coseismic displacement and stress fields, the coseismic slip distribution and the resulting static Coulomb stress changes as derived from the normal and thrust fault models with a viscosity of 10 20 and 10 23 Pa s for the lower crust and lithospheric mantle, respectively (Bagge and Hampel 2016) . Note that the coseismic displacements and stress changes do not depend on the viscosity structures and are hence the same in all models of this study. They provide the common basis for our analysis of the postseismic Coulomb stress changes, for which we varied the viscosities of the lower crust and lithospheric mantle in different experiments (Table 1) . The coseismic displacements-plotted with their magnitude and direction along a cross section through the central part of the model-show the typical footwall uplift and hanging wall subsidence in the normal fault model and hanging wall uplift and footwall subsidence in the thrust fault model (Fig. 2a) . On the source fault SF, the coseismic slip reaches its maximum in the centre of the fault's surface trace and has an elliptical distribution (Fig. 2b) . The coseismic displacements in the elastic upper crust lead to coseismic loading of the viscoelastic lower crust, with the maximum coseismic stress increase being located around the lower fault tip in the upper part of the lower crust (Fig. 2c) . This coseismic stress increase in the lower crust provides the initial condition for the subsequent viscoelastic relaxation in our models, i.e. it is this stress that is dissipated by viscous creep during the postseismic model phase. Note that this stress increase at the lower fault tip is consistent with other numerical models on coseismic loading of the lower crust (e.g. Ellis and Stöckhert 2004; Ellis et al. 2006; Ellis 2010, 2011) although-in contrast to these studies-the coseismic slip on our source fault does not actually reach into the lower crust. Geodetic inversion models showed that coseismic slip penetrated into the brittle-viscous transition zone during some earthquakes (e.g. Rolandone et al. 2004) , although this is not always the case (e.g. Ryder et al. 2012; Serpelloni et al. 2012) .
The coseismic Coulomb stress changes on our model fault planes are shown in Fig. 2d . We calculated the Coulomb stress change ΔCFS by ΔCFS = Δτ−μ′Δσ n , where Δτ is the change in shear stress (positive in direction of source fault slip), μ′ is the effective coefficient of friction, and Δσ n is the change in normal stress (positive if fault is clamped) (e.g. Freed 2005; Stein et al. 1992; Stein 1999 Stein , 2003 . A positive stress change implies that slip is promoted on the receiver faults in the direction of the slip of the source fault and the direction given by the regional stress field. In contrast, a negative Coulomb stress change means that slip on the fault in direction of the slip on the source fault is hampered. The earthquake in our model with 2 m of coseismic slip leads to static Coulomb stress changes on the receiver faults, which range from a few bar to several MPa depending on the distance to the source fault (Fig. 2d ). Both positive and negative Coulomb stress changes are observed, with changes in the sign occurring both along strike of individual receiver fault as well as in their down-dip direction (Bagge and Hampel 2016) . Generally, faults located in the hanging wall and footwall of the source fault (RF4-8) experience primarily negative coseismic stress changes with a symmetric distribution on each fault plane. Receiver faults RF5 and 7 located close to the source fault show significant positive stress changes in some parts of their fault plane. Faults RF2 and 10 positioned in the along-strike prolongation of the source fault undergo exclusively positive Coulomb stress changes and exhibit an asymmetric Coulomb stress change distribution. Receiver faults RF1, 3, 9 and 11 also show an asymmetric stress change distribution, with mostly positive stress changes but also high values of negative stress changes (Fig. 2d) . Note that the distribution of Coulomb stress changes on RF1, 2 and 3 are mirror images to RF9, 10 and 11.
Model results
We ran experiments with different viscosities of the lower crust and lithospheric mantle ( Table 1 ). The viscosity structure in our models reflects the two endmember possibilities for the rheological layering of the lithosphere (e.g. Burov and Watts 2006) : in the first three models (NP/ TP1-3), the lithosphere has a weak lower crust and a strong lithospheric mantle, whereas the other three models have a strong lower crust and a weak lithospheric mantle. The first viscosity structure is found, for example, beneath the Himalaya-Tibet system, as indicated by geophysical data (Chen and Molnar 1983; Klemperer 2006) , inversion of lake shoreline deflection (Shi et al. 2015) and postseismic lower crustal flow (Ryder et al. 2014) . In contrast, the presence of a strong lower crust and a weak lithospheric mantle has been reported, for example, from the actively extending Basin and Range Province based on postglacial rebound patterns (Bills et al. 1994) , postseismic deformation (Amelung and Bell 2003; Gourmelen and Amelung 2005; Nishimura and Thatcher 2003) and deformation caused by reservoir loading (Kaufmann and Amelung 2000) . As the viscosity structure of the lithosphere remains debated (e.g. Bürgmann and Dresen 2008; Jackson 2002) , we computed the normal and thrust fault models for all viscosity structures (Table 1) .
For the evaluation of our results, we first show the postseismic Coulomb stress changes on the fault planes at the same timepoints (1st, 10th and 20th year after the earthquake) to allow a direct comparison between the models, regardless of the characteristic timescales of the applied viscosities. We chose the 1st year after the earthquake to show that viscoelastic relaxation considerably modifies the coseismic Coulomb stress changes already during the early postseismic phase (Figs. 3, 4 ; Online Resource Figs. S1, S2). We further show the results at the 10th and 20th years to illustrate that the postseismic Coulomb stress change patterns caused of viscoelastic relaxation change through time and are still recognizable after 1-2 decades (Figs. 5, 6; Online Resource Figs. S3, S4) . In addition to the figures showing the stress changes on the fault planes, Figs. 7 and 8 show the temporal evolution of the postseismic Coulomb stress along profiles across the fault planes and at the centres of selected receiver faults.
Postseismic Coulomb stress changes in the 1st year after the earthquake
In the 1st year after the earthquake, the original distribution of the coseismic Coulomb stress changes undergoes considerable modifications on most receiver faults (Figs. 3, 4) . Depending on the viscosity structure of the lithosphere and the position of the receiver fault relative to the source fault, the sign of the Coulomb stress changes can be reversed on some faults. For example, receiver fault RF7 was characterized by mainly negative coseismic stress changes but shows mainly positive stress changes during the first postseismic year in both thrust and normal fault models. A common characteristic of both coseismic and postseismic stress changes is that the stress change distribution is symmetric on faults RF4-8 but asymmetric on faults RF1-3 and 9-11. The order of magnitude of the postseismic Coulomb stress changes on the receiver faults ranges between 0.01 and 2.5 MPa. Postseismic Coulomb stress changes on the source fault are generally an order of magnitude higher than on the receiver faults and have a positive sign in all models. In the following, we will describe the Coulomb stress changes resulting from the different viscosity structures of the model lithosphere in more detail.
In the normal (NP1) and thrust (TP1) models with viscosities of 10 20 and 10 23 Pa s for the lower crust and lithospheric mantle, respectively, all faults, except RF5, experience positive stress changes (Figs. 3a, 4a ). Faults RF1-3 and 9-11 exhibit a homogeneous Coulomb stress distribution with an average stress increase of 0.02 MPa. In contrast, faults in the hanging wall and footwall of the source fault (RF4, 7 and 8) show a gradient in the positive stress changes. On RF4, the magnitude of the positive stress change increases towards the surface, whereas on RF7 and 8 the Coulomb stress change increases towards the downdip edge of the fault. The highest stress increase occurs in the lower part of RF7 in the normal fault model (0.03 MPa) and in the upper part of RF5 in the thrust fault model (0.05 MPa). In contrast to the other ten faults, receiver fault RF5 also shows negative stress changes, which occur in two separate areas on the fault plane. In the normal fault model, the highest stress decrease (−0.018 MPa) occurs in a large stress shadow zone in the upper part of the fault; in its lower part, a second, smaller stress shadow zone is observed (Fig. 3a) . In the thrust fault model, negative stress changes occur in the lower part of the fault, where they reach a value of up to −0.01 MPa, and in the fault centre (Fig. 4a) . Models with a lower crustal viscosity of 10 18 Pa s but different viscosities of the lithospheric mantle (NP2/3, TP2/3) show almost the same pattern and magnitudes of the Coulomb stress changes (Figs. 3b, 4b ; Online Resource Figs. S1a, S2a). Compared to models NP1 and TP1, the Coulomb stress changes are 1-2 orders of magnitude higher, and almost all faults experience both positive and negative stress changes (see Figs. 3, 4) . Only the source fault and the normal faults RF3 and 11 show solely positive stress changes. Notably, many areas that experienced a coseismic stress increase show a postseismic stress decrease and vice versa. Only faults 1 and 9 show roughly the same distribution of stress triggering and shadow zones as during the coseismic phase. In the normal fault model, the highest values of stress increase occur on receiver fault RF7 (0.79 MPa) and on RF5 (0.55 MPa). Positive stress changes of up to ~0.4 MPa are observed on RF4 and 8 as well as in the surface corners of RF1 and 9 (Fig. 3b, S1a) . Compared to the normal fault models, positive Coulomb stress changes in the thrust fault models reach much higher values, for example on RF5 (2.19 MPa), RF7 (1.73 MPa) and RF8 (1.49 MPa). On thrust faults RF1-4 and 9-11, maximum values vary between 0.14 and 0.47 MPa. The largest stress decrease occurs on fault RF5, which shows −2.27 MPa in the normal fault models (Fig. 3b, S1a) and −1.17 MPa in the thrust fault models (Fig. 4b, S2a ). On the normal fault RF5, the maximum value occurs in a broad stress shadow zone that reaches the surface; a smaller zone with negative stress changes is located near the down-dip edge of the fault. On thrust fault RF5, the highest stress decrease occurs near the down-dip edge of the fault; a second stress shadow zone with almost the same magnitudes is located in the fault centre. Other stress shadow zones of up to −0.69 MPa (RF4) and −0.24 MPa (RF1 and 9) are reached. On thrust faults RF2 and 10, the stress shadow zone runs across the fault centre and is located between two stress triggering zones. In contrast, thrust faults RF7 (−0.47 MPa) and 8 (−0.21 MPa) show a similar stress change distribution as their counterparts in normal fault model, with zones of stress decrease near the surface.
Postseismic Coulomb stress changes in the models NP4/5 and TP4/5, in which the lower crust has a higher viscosity than the lithospheric mantle (η lc = 10 21 or 10 22 Pa s; η lm = 10
19 Pa s), show a large stress triggering zone in the central part of the fault array, i.e. on the source fault, the upper part of RF5, the lower parts of RF7 and 8 and in the parts of RF2 and 10 that are located close to the source fault (Figs. 3c, 4c ; Figs. S1b, S2b). In these areas, the stress increases reach maximum values between 0.03 and 0.21 MPa. Stress shadow zones are found in both models in the lower part of RF5 (normal fault: −0.03 MPa; thrust fault: −0.09 MPa) and in the upper parts of RF3, 8 and 11. Receiver fault RF7 shows solely positive stress changes in the normal fault model, whereas its upper part is located in a stress shadow zone in the thrust fault model. Another difference between the two fault models is the location of the stress triggering zone on RF4, which occurs in the upper part of the normal fault but in the lower part of the thrust fault. In contrast, RF1 and 9 show stress triggering zones in their parts that are located close to RF4 in both types of models.
Finally, the results from the models with a lower crustal viscosity of 10 22 Pa s and a lithospheric mantle viscosity of 10 21 Pa s (NP6, TP6) show that all faults of the array including the source fault experience an almost 
Postseismic Coulomb stress changes in the 10th and 20th years after the earthquake
Depending on the viscosity structure of the lithosphere, the pattern and magnitude of the postseismic Coulomb stress changes show a different evolution through time.
In the models NP1 and TP1 (η lc = 10 20 Pa s; η lm = 10 23 Pa s), neither the distribution nor the magnitudes of the stress changes are considerably altered until the 10th and 20th years after the earthquake (Figs. 5a, 6a) . Similarly, the positive stress changes remain constant at a value of ~0.02 MPa in the models NP6 and TP6 (Online Resource  Figs. S3c, S4c) . In contrast, the models involving lower viscosities either of the lower crust or the lithospheric mantle exhibit considerable changes in the distribution and magnitudes of the Coulomb stress changes. Models with a viscosity of η lc = 10 18 Pa s (NP2/3, TP2/3) show similar evolutions, regardless of the viscosity of the lithospheric mantle (cf., Figs. 5b, 6b with Figs. S3a and S4a). In these models, most stress shadow zones of the 1st year have shifted their position on the fault plane (e.g. RF1, 9) or turned into stress triggering zones in the 10th year (e.g. RF2, 10). On some faults, the distribution of positive and negative stress changes in the 10th year is inverse to the 1st year (e.g. normal RF7, thrust fault RF4). One of the faults, on which the stress change pattern remained almost constant, is RF8, which still shows a stress shadow zone in its upper part. This stress shadow zone disappears until the 20th year in the normal fault model (Fig. 5b) ; in the thrust fault, the area becomes smaller (Fig. 6b) . In contrast, the zone of negative stress changes that was present during the 1st year in the lower part of normal fault RF5 has disappeared. In the thrust fault model, the source fault experiences a stress decrease in its lower half, which is not observed in the normal fault model. Generally, the magnitude of the stress change on the faults has dropped by an order of magnitude (Figs. 3b, 4b, 5b, 6b ). For example, the maximum of the stress increase on fault RF5 dropped from 0.55 to 0.07 MPa in the normal fault model and from 2.19 to 0.12 MPa in the thrust fault model. The highest positive stress changes in the 10th year on receiver faults occur on normal fault RF7 (0.09 MPa) and thrust fault RF5 (0.12 MPa). The largest stress decrease is observed on normal fault RF4 (−0.07 MPa) and on thrust fault RF7 (−0.05 MPa).
Models with a low viscosity of the lithospheric mantle (NP4/5, TP4/5) show an almost identical evolution for the two different viscosities of the lower crust (Figs. 5c, 6c, S1b, S2b) . In these models, the overall spatial distribution of stress triggering and shadow zones has remained almost the same between the 1st and 10th year, but the stress shadow zones have become smaller or disappeared. There are no new stress shadow zones. This trend is also observed in the 20th year (e.g. RF4). Compared to the models with a low viscosity of the lower crust, the difference between the magnitudes of the stress changes in the 1st and 10th year is smaller. For example, the value of the stress decrease on both normal and thrust fault RF4 changed from about −0.05 MPa in the 1st year to −0.02 MPa in the 10th year. The highest stress increase on the receiver faults during the 10th year occurs near the surface at the tips of RF2 and 10 (0.07 MPa) in the normal fault model and on RF5 (0.10 MPa) in the thrust fault model.
To further illustrate the temporal evolution of the Coulomb stress changes, Fig. 7 shows profiles of the Coulomb stress changes in down-dip direction along receiver faults RF5 and 7, while Fig. 8 depicts how the Coulomb stress evolves over a time period of 100 a after the earthquake at the centres of RF5 and 7. The profiles derived from models NP1/TP1 show that the amplitude of the Coulomb stress changes and also the crossings with the zero line do not experience major changes between the 1st, 10th and 20th year after the earthquake (Fig. 7) . In contrast, the stress changes differ by an order of magnitude between the 1st year and the 10th/20th years (see insets) in models NP3/ TP3. Also, the transitions between negative and positive stress changes and vice versa change their number and locations through time. For example, RF 5 shows two areas with negative stress changes in the 1st year but later only one large area in the fault centre (cf. , Figs. 4, 6) . Profiles from models NP5/TP5 show a decrease in stress change amplitudes over time. In the normal fault model, RF5 experiences a temporal change from negative to positive stress changes in its lower part between the 10th and 20th year.
The postseismic stress evolution at the centre of RF5 and 7 through time is shown in Fig. 8 . The left panel shows the total Coulomb stress, whereas the right panel shows the stress changes induced by viscoelastic relaxation only. For low viscosities of the lower crust (NP3/TP3) and lithospheric mantle (NP5/TP5), the evolution of the Coulomb stress during first 10-30 years is dominated by the signal from viscoelastic relaxation. Afterwards, the transient signal diminishes. In models NP1/TP1, the stress changes arising from viscoelastic relaxation are less pronounced but recognizable over a longer time period compared to models with lower viscosities. In models NP3 and TP3, RF5 experiences a different stress evolution. As normal fault, RF5 first shows a stress increase before a ~ 10-a-long phase of almost constant stress, which results from the stress decrease caused by viscoelastic flow. As a thrust fault, RF5 shows a strong stress decrease in the early postseismic phase due to viscoelastic relaxation before the interseismic signal prevails after ~40 years after the earthquake.
Discussion
Our three-dimensional finite-element models show that the postseismic Coulomb stress changes due to viscoelastic relaxation play an important role for the stress evolution on fault planes and hence the seismic hazard of a region. In our models, the maximum postseismic stress increase on the receiver faults has a value of up to 2.5 MPa/a, which would be sufficient to trigger another earthquake. Viscoelastic relaxation modifies the static stress changes in a way that the Coulomb stress changes on the receiver faults vary significantly through space and time. Depending on the viscosity of the lithospheric layers and the position of the receiver faults relative to the source fault, static stress shadow zones can, over time, turn into postseismic stress triggering zones and vice versa. The temporal evolution of the postseismic relaxation and stress changes is primarily controlled by the layer with the lowest viscosity (Figs. 3, 4 , 5, 6). Our results show that the existence of a layer with low viscosity leads to high values of Coulomb stress changes, even if the other layer has a high viscosity. The total postseismic Coulomb stress changes are a superposition of the stress changes caused by viscoelastic relaxation and the interseismic stress increase (Fig. 8) . Viscoelastic relaxation can lead to positive or negative stress changes, whereas the interseismic strain accumulation is associated only with a stress increase. Postseismic relaxation of the viscoelastic layers can therefore influence the loading of the fault in the elastic upper crust during the postseismic phase (e.g. Hearn et al. 2002; Kenner 2004; Ellis et al. 2006; DiCaprio et al. 2007 ). Furthermore, the stress changes caused by viscoelastic relaxation vary in space and time (especially for low viscosities), whereas the interseismic stress increase is approximately constant (0.01-0.02 MPa in our models). The relative contribution of viscoelastic relaxation and interseismic strain accumulation to the total postseismic stress change depends on the viscosity of the lithosphere. For viscosities of ~10 20 Pa s or less and the extension/shortening rates used in our models, transient stress changes due to viscoelastic relaxation outweigh the continuous stress increase due to interseismic strain accumulation for up to several decades, resulting in higher positive Coulomb stress changes or net negative stress changes on the individual receiver fault (Figs. 3, 4 , 5, 6, 7, 8) .
In the following, we discuss the differences between the coseismic and postseismic Coulomb stress changes and the differences between the normal and thrust fault models (Sect. "Differences between coseismic and postseismic Coulomb stress changes on normal and thrust faults"). Also, we evaluate the influence of stress changes arising from viscoelastic relaxation and stress changes caused by the ongoing extension or shortening as well as the temporal evolution of stress changes and the influence of viscosity.
In a second and third step, we link the Coulomb stress changes to the postseismic movements in the crust and lithospheric mantle to explain the obtained stress change distributions (Sect. "Causes of the postseismic Coulomb stress changes") and compare our results with previous studies and examples from nature (Sect. "Comparison with Coulomb stress patterns after natural earthquakes").
Differences between coseismic and postseismic Coulomb stress changes on normal and thrust faults
As our model results show, considerable differences exist in the distribution of coseismic and postseismic stress changes. Whereas the coseismic stress changes are almost independent of the viscosity, the postseismic stress changes strongly depend on this parameter. In the coseismic phase, receiver faults in the along-strike direction of the source fault generally show a stress increase, while most receiver faults parallel to the source fault are dominated by negative stress changes (Fig. 2) . In the postseismic phase, however, larger zones of positive stress changes develop on the receiver faults parallel to the source fault (Figs. 3, 4 ; Online Resource Figs. S1, S2). Faults 2 and 10 generally show positive stress changes during both the coseismic and postseismic phase. On several other receiver faults, the distribution of postseismic stress triggering and shadow zones is inverse to the coseismic distribution. This is particularly pronounced in the models TP2 and TP3, e.g. where the upper part of faults RF3 and 11 undergo a coseismic stress decrease and a postseismic stress increase. Apart from the spatial pattern, coseismic and postseismic phases also differ with respect to the magnitude of the stress changes. Static stress changes on the receiver faults are in the range of −12.0 MPa (thrust RF5) to +5.0 MPa (normal RF5). Postseismic stress changes are generally smaller and strongly depend on the viscosity and on the time elapsed after the earthquake. For low viscosities, postseismic stress changes on receiver faults can reach maximum values of −3.0 MPa/a (NP2/3, RF5) and +2.2 MPa/a (TP2/3, RF5) in the 1st year.
Our models reveal that normal and thrust faults show remarkable differences in the postseismic stress change evolution (cf., Figs. 5, 6), which can be mainly attributed to difference in fault dip. As shown by Bagge and Hampel (2016) for coseismic stress changes, a change in fault dip and hence the fault plane size leads to differences in the distribution of stress shadow and triggering zones on normal and thrust faults. In the postseismic phase, the differences between normal and thrust faults become even more pronounced because the steeper dip of normal faults compared to thrust faults causes different coseismic loading of the viscoelastic layers. As a consequence, the postseismic movements in the viscoelastic layers and hence the postseismic Coulomb stress changes are not the same on normal and thrust faults ( Fig. 9 ; see Sect. "Causes of the postseismic Coulomb stress changes" for details). Furthermore, the normal and thrust faults develop under different orientations of the principal stresses, which also leads to differences in postseismic relaxation patterns (e.g. Hampel and Hetzel 2015) . With respect to the magnitude of the postseismic Coulomb stress changes, normal and thrust fault models with the same viscosity structure show the same order of magnitude, although the position of the highest stress changes may differ between the fault types.
Causes of the postseismic Coulomb stress changes
The distribution and spatiotemporal evolution of the postseismic Coulomb stress changes are ultimately caused by the postseismic movements in the lithosphere. Generally, the coseismic fault slip and the induced flow in the viscoelastic lithospheric layers perturb the velocity field induced by the far-field deformation, with the consequence that the postseismic velocities both at depth and at the surface show a complex spatiotemporal evolution (Fig. 9) . Peak velocities associated with viscoelastic flow generally occur in a broad zone below the source fault near the boundary between the upper and lower crust (Fig. 9a-d) or near the boundary between lower crust and lithospheric mantle (Fig. 9e, f) . The differential movements in viscoelastic layers are also responsible for the movements at the surface of the model although the resulting surface velocity field does not necessarily reflect the actual velocity pattern at depth regarding magnitude and direction of movement (e.g. Fig. 9c, d ). In accordance with earlier studies on strike-slip faults (Hearn 2003) and dip-slip faults (Hampel and Hetzel 2015) , the magnitude of the surface velocities is sufficiently large to be detected by GPS measurements, while the surface velocity pattern generally agrees with observation from natural events like the 1999 Izmit earthquake (Ergintav et al. 2002) and the 2009 L'Aquila earthquake (Serpelloni et al. 2012) .
The spatial distribution of these postseismic velocities results in different domains of extension and shortening in both normal and thrust fault models (cf., Hampel and Hetzel 2015) , which develop within the lithosphere and at the surface. These domains of extension and shortening are the ones that control the distribution and sign of the Coulomb stress changes on the receiver faults (compare Figs. 3, 4 with Fig. 9 ). Generally, a receiver normal fault located in a domain of enhanced horizontal extension experiences positive stress changes that exceed the interseismic stress increases; a normal fault located in a domain of shortening exhibits negative stress changes. The opposite holds for receiver thrust faults. As the postseismic velocities and hence the domains of extension and shortening change in time and space due to the ongoing viscoelastic relaxation, the magnitude and spatial pattern of the Coulomb stress changes also evolves through time. In the models NP1/TP1, the postseismic movements change only negligibly between the 1st (Fig. 9a, b) and the 10th and 20th year (not shown in figure) . As a result, the distribution and magnitude of the Coulomb stress changes do also not change significantly (see Figs. 5a, 6a and profiles in left panel of Fig. 7 ). For example, receiver fault RF 7 experiences high positive stress changes because of enhanced extension (normal fault model) and shortening (thrust fault model). Around normal fault RF 5, the postseismic surface velocity field in the normal fault model indicates an area of horizontal shortening in the source fault hanging wall (Fig. 9a, right panel) , which leads to negative Coulomb stress changes on the upper part of receiver fault RF 5 (Fig. 3a) . For a low viscosity of the lower crust (models NP3/TP3), the postseismic velocities decrease by an order of magnitude between the 1st and 10th year (Fig. 9c, d ). The surface velocity field is highly disturbed, which results in alternating areas of extension and shortening in both normal and thrust fault models (cf., Hampel and Hetzel 2015) . The shift of locations with peak velocities through time and the inversion of movement directions between the 1st and 10th year after the earthquake (Fig. 9c) explains the corresponding sign reversals in the Coulomb stress changes, for example on RF 4 (Fig. 5b) . Between the 10th and 20th year, the postseismic velocities decrease without major changes in their spatial pattern, which explains the decrease in magnitude of the Coulomb stress changes. Their principal pattern remains almost unaltered except for the fact that the areas with negative stress changes become smaller or disappear (Figs. 5b, 6b ) due to the interseismic stress increase. In models NP5/TP5, in which the lithospheric mantle has a lower viscosity than the lower crust, the vertical velocity field shows an almost circular area of uplift (normal fault model) and subsidence (thrust fault model) below the source fault (Fig. 9e, f) . These vertical movements combine with the horizontal movements such that the source fault itself and especially receiver faults RF 7 and RF 2 are brought closer to failure in both models (Figs. 5c, 6c) . In contrast to models NP3/TP3, the peak velocities decrease through time without major shifts in their location (Fig. 9e,  f) , which explains why the stress changes due to viscoelastic relaxation decrease without major changes in their distribution except for the disappearance of negative stress changes (Figs. 5c, 6c) .
Comparison with Coulomb stress patterns after natural earthquakes
The generalized set-up of models offers the opportunity to compare the principal patterns derived from our models with postseismic Coulomb stress change patterns derived from models for specific natural earthquakes, where postseismic stress changes are influenced by local geological conditions. A prominent example of an earthquake, for which postseismic stress changes have been calculated, is the 2008 M w = 7.9 Wenchuan (China) oblique thrust fault earthquake (Chen et al. 2011; Luo and Liu 2010; Nalbant and McCloskey 2011; Wang et al. 2014 ). This earthquake probably triggered the 2013 M w = 6.6 Lushan thrust earthquake, which occurred around 45 km south-west of the 2008 event . The spatial relation between the faults ruptured by the two earthquakes is comparable to the position of our model receiver fault RF10 relative to the source fault. With respect to the viscosity structure, our model TP4 best matches the model used by Wang et al. (2014) . Combining our modelled coseismic Coulomb stress changes (Fig. 2) with the results of model TP4 for the postseismic stress changes (Figs. S2b, S4b) , we derive that the fault ruptured by the Lushan earthquake experienced solely positive stress changes during and after the Wenchuan earthquake. For our M w ≈7 model earthquake, we obtain maximum static stress changes of ~3.0 MPa and maximum postseismic stress changes of 0.07 and 0.04 MPa in the 1st and 10th year after the earthquake, respectively. Our results generally agree with the predictions of positive static and postseismic stress changes (Luo and Liu 2010; Nalbant and McCloskey 2011; Parsons et al. 2008; Wang et al. 2014) for this region, although the differences in earthquake magnitude, dip and size of the source fault and assumed lithospheric structure lead to different predictions for the stress change magnitudes. For example, Wang et al. (2014) estimated a stress increase of 0.007 MPa on the fault plane of the Lushan earthquake caused by 5 years of postseismic relaxation of the Wenchuan earthquake. Altogether, our model supports the conclusion that the Lushan earthquake was triggered by the Wenchuan earthquake. For other faults like the Longriba fault that is located in the hanging wall of the Longmenshan fault, Wang et al. (2014) obtain a postseismic stress decrease. They evaluated the postseismic stress changes at a depth of 10 km and argue that only negligible variations occur in the depth range of 5-15 km. In our model TP4, stress shadow zones indeed occur in the lower parts of faults RF4, RF5 and RF9, but these faults also experience considerably high positive stress changes in other parts. This example underlines that it is crucial to consider the Coulomb stress change distribution on the whole fault plane.
Stress interaction between normal faults caused by viscoelastic relaxation has been investigated by Nostro et al. (2001) by using whole-Earth models with viscoelastic layers. They calculated the postseismic stress changes for the 1980 M w = 6.9 Irpinia earthquake (southern Apennines) on a 60°-dipping source fault with a length of 35 km. Results were shown in map view for a depth of 17 km and a time point 100 a after the earthquake and as time-stress plots for a fixed point and a time interval of 1000 a after the earthquake. Similar to our models, the viscoelastic models by Nostro et al. (2001) show postseismic stress triggering zones in the along-strike direction of the source fault and alternating stress shadow and triggering zones in the hanging wall and footwall of the source fault. Based on a parameter study, in which Nostro et al. (2001) analysed the temporal evolution of the postseismic relaxation and the influence of the layer thickness and viscosity, but without considering background deformation, they concluded that the shallowest viscoelastic layer dominates the postseismic Coulomb stress changes. Our results additionally show that the layer with the lowest viscosity has the largest influence on the postseismic stress changes.
Conclusions
Three-dimensional finite-element modelling of the postseismic viscous flow in the lower crust and lithospheric mantle enables evaluating the spatiotemporal evolution of transient stress changes on intra-continental dip-slip faults and their dependence on the viscosity of the lithospheric layers. As experiments with different viscosity structures of the lithosphere show, the layer of the lowest viscosity has the strongest influence on postseismic Coulomb stress change patterns. Postseismic stress changes can modify static stress changes in a way that coseismic stress triggering zones can change to postseismic stress shadow zones and vice versa. On the other hand, the magnitude of both positive and negative coseismic stress changes can increase during the postseismic phase, implying that earthquakes on receiver faults can be additionally promoted or delayed. Our results also underline the importance of considering the combined effect of stress changes caused by the ongoing extension or shortening (leading to an interseismic stress increase) and by the postseismic relaxation (leading to stress increase or decrease). The relative contribution of postseismic relaxation and interseismic strain accumulation to the stress state on the receiver faults depends, among other factors like the regional deformation rate and the Fig. 9 Postseismic velocity fields derived from the models (a) NP1, (b) TP1, (c) NP3, (d) TP3, (e) NP5 and (f) TP5. Velocities are averaged over a period of 1 year; e.g. the velocity at 10 years after the earthquake is the average over the time interval from 9 to 10 years. All diagrams show the central part of the model, either as cross section (left and central panels) or as map view of the model surface (right panel) magnitude of the earthquake, on the location of the receiver fault relative to the source fault, the time elapsed after the earthquake, the fault dip and the viscosity. influence of the 2008 Wenchuan earthquake on the stability of 
